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A B S T R A C T

This study uses the Weather Research and Forecasting Model to simulate a deep convective cloud under a
relatively polluted condition in South China. Ice nuclei (IN) aerosols near the surface are effectively transported
upwards to above the 0 °C level by the strong updrafts in the convective cloud. Four cases with initial surface IN
aerosol concentrations of 1, 10, 100, and 1000 L−1 are simulated. All simulations can well reproduce the major
characteristics of the deep convective cloud in terms of the evolution, spatial distribution, and its track. IN
aerosols have little effect on these macrophysical characteristics but can significantly affect ice formation. When
IN concentration is increased, all heterogeneous nucleation modes are significantly enhanced, whereas the
homogeneous freezing of cloud droplets is unchanged or weakened depending on the IN concentration and the
development stages of the deep convective cloud. The homogeneous freezing of haze particles is generally not
affected by increased IN but is slightly weakened in the extremely high IN case. As IN concentration is increased
by 10 and 100 times, the enhanced heterogeneous nucleation is still not strong enough to compete with
homogeneous freezing. Ice formation is hence still dominated by the homogenous freezing of cloud droplets and
haze particles in the layer of 9–14 km, where most of the ice crystals are produced. The microphysical properties
are generally unaffected in all the stages of cloud evolution. As IN concentration is increased by 1000 times and
heterogeneous nucleation is further enhanced, the homogeneous freezing of cloud droplets and haze particles
dominates only in the mature and dissipating stages, leading to unaffected ice number mixing ratio in the anvil
region (approximately above 9 km) for these two stages. However, in the developing stage, when the supply of
cloud droplets is limited, the homogeneous freezing of cloud droplets is weakened or even suppressed due to the
very strong competition for liquid water with heterogeneous nucleation, leading to significantly lower ice
number mixing ratio in the anvil regions. In addition, the microphysical properties in the convective core regions
below the cloud anvil (approximately below 9 km) are also affected in the case of 1000 L−1. The enhanced
heterogeneous nucleation produces more ice crystals below 9 km, leading to a stronger conversion from ice
crystals to snow particles, and hence higher number and mass mixing ratios of snow. The IN effect on the spatial
distributions and temporal evolutions of the surface precipitation and updraft velocity is generally insignificant.

1. Introduction

Aerosols can serve as ice nuclei (IN) to facilitate ice formation at
temperatures warmer than the homogeneous ice nucleation tempera-
ture (Pruppacher and Klett, 1997, p287). IN are traditionally thought to
be solid, insoluble particles with crystalline structures similar to the
hexagonal lattice of ice (Lamb and Verlinde, 2011, pp308). Such par-
ticles include dust, soot, and volcanic ash from either natural or an-
thropogenic sources (e.g., DeMott, 1990; Fornea et al., 2009). However,
over the past decade, laboratory experiments showed that some organic
and biological particles can also serve as IN, although without the
crystalline structures similar to ice crystals (e.g., Wang et al., 2012;
Hoose and Möhler, 2012; Murray et al., 2012).

Field projects such as CRYSTAL-FACE (Cirrus Regional Study of
Tropical Anvils and Cirrus Layers-Florida Area Cirrus Experiment) and
NAMMA (NASA African Monsoon Multidisciplinary Analyses) showed
the wide existence of ice-nucleating aerosols inside ice crystals in cloud
anvil of deep convective clouds. Insoluble particles (soot, organic
carbon, dust, and metals) account for 51–55% on average in the
number of residual nuclei collected from anvil clouds over Florida
during CRYSTAL-FACE, and the ratio of insoluble to soluble (salts and
sulfate) particles in small residual nuclei increases as the anvil en-
vironmental temperature increases (Twohy and Poellot, 2005). This
indicates that insoluble particles play an important role in triggering ice
formation at warmer temperatures in cirrus anvil. Twohy (2015) found
that dust is the dominant residual particle type sampled in ice crystals
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from anvil outflow of tropical Eastern Atlantic Ocean during NAMMA,
which is downwind of the Saharan dust source.

Results from some numerical simulations indicate that increasing IN
concentration can increase cloud ice amount in deep convective clouds.
For example, van den Heever et al. (2006) showed that high IN con-
centration in the dust layer leads to higher proportion of vertically in-
tegrated ice water in the total condensate (liquid and ice) in a
CRYSTAL-FACE case using the Regional Atmospheric Modeling System
(RAMS). Similar results were also found in a large eddy simulation
(LES) (Carrió et al., 2007). Fan et al. (2010) employed a 3-dimensional
cloud resolving model to simulate the IN effect on two deep convective
clouds over Tiwi Islands, northern Australia. They found that both ice
number concentration and ice water content increase dramatically
when multiplying the IN concentration by a factor of 2.5 either in the
mid-troposphere only or in the whole vertical extent of the troposphere.

Increasing IN concentration can sometimes decrease the ice water
content. In a LES study of the IN effect on a deep convective cloud over
Tiwi Islands (Connolly et al., 2006), the number concentration of the
total ice particles (ice, snow and graupel) increases when enhancing
heterogeneous ice nucleation by five times, but decreases when en-
hancing by ten times. However, in a Weather Research and Forecasting
(WRF) model simulation of a deep convective cloud over tropical
western Pacific (Phillips et al., 2007), it was found that the cloud is
hardly affected when IN concentration is increased by 10 times but
significantly affected when IN concentration is increased by 1000 times.
In the extremely high IN case, ice concentration is increased by up to
half an order of magnitude at lower altitude (below −20 °C level) due
to the enhanced heterogeneous nucleation, while reduced by up to one
order of magnitude at higher altitude because homogeneous freezing of

cloud droplets is suppressed by the decreased liquid water.
The IN impact on the updrafts and precipitation of deep convections

is largely uncertain, with regard to both the magnitude and the sign.
Some studies suggested that more IN result in more latent heat release
during glaciation and therefore stronger updrafts. More ice particles can
also produce more precipitation through stronger depositional growth
and collection of cloud droplets (Ekman et al., 2007; Hazra et al.,
2016). But van den Heever et al. (2006) demonstrated a decrease of the
12-h accumulated precipitation with increasing IN, although the pre-
cipitation in the initial stage (first 6 h) increases with IN concentration.
Some investigations argued that the effect of IN on the strength and
surface precipitation of deep convections are limited (Connolly et al.,
2006; Fan et al., 2010). The reason is that cloud ice is not enough and
mainly exists at high altitudes, thus the latent heat released by the in-
creased ice mass mainly heats the upper level and is less important than
other microphysical processes (Fan et al., 2010).

IN can nucleate ice crystals via four ice nucleation modes: deposi-
tion nucleation, condensation freezing, contact freezing, and immersion
freezing (Lamb and Verlinde, 2011, pp312). Sensitivity experiments
with RAMS showed that deposition-nucleation/condensation-freezing
is an important mechanism of ice formation only when temperature is
colder than −10 °C, while contact freezing is efficient only when
temperature is warmer than −15 °C (Cotton et al., 1986). Hiron and
Flossmann (2015) used a 1.5-dimensional dynamic framework coupled
with bin-resolved microphysics to study the role of different ice nu-
cleation modes in convective clouds. They found that homogenous
freezing and immersion freezing dominate ice formation in convective
clouds. Condensation freezing also plays an important role. On the
contrary, deposition nucleation and contact freezing are much less

Fig. 1. MODIS images of (a) visible composite and, (b) aerosol optical depth at local time 10:50 on 17 April 2011. The red boxes indicate the location of innermost domain (d03). The red
arrow in (a) indicates the location of the deep convective cloud. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)
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efficient and hence have a negligible effect on convective clouds. For
the purpose of simplification, most previous simulations of real cases
considered some modes of heterogeneous nucleation while neglected
the others. As a result, the effect of IN may be underestimated, and the
relative importance of each ice nucleation mode is therefore unclear.
The fact that different studies considered different ice nucleation modes
or used different ice nucleation parameterizations even for the same
mode might also contribute to the big uncertainty of the IN effect in
previous studies.

The purpose of this study is to investigate the effect of IN on a deep
convective cloud, as well as the vertical transport of aerosol by the deep
convective cloud. Section 2 introduces the case and the model used in
this study. Section 3 presents the comparison between observations and
model simulations, and the vertical transport of aerosol by the deep
convective cloud. Section 3 also presents the contribution of different
heterogeneous ice nucleation modes and the effect of IN number con-
centration on the microphysical and macrophysical properties of the
deep convective cloud. Sections 4 and 5 respectively describe the dis-
cussions and the conclusion.

2. Case and model

2.1. The deep convective cloud case

A deep convective cloud occurring on 17 April 2011 in South China
is selected for this study. The deep convective cloud was triggered in
the early morning. It became stronger as it moved to the southeast, and
weakened in the evening over the ocean. Fig. 1 shows the MODIS
(Moderate Resolution Imaging Spectroradiometer) visible composite
and aerosol optical depth (AOD) at local time 10:50 on 17 April 2011 in
the region. The deep convective cloud, with a cloud top temperature as
low as about −78 °C, is indicated by a red arrow in Fig. 1a.

The AOD data over the cloud-free regions indicate that AOD is very
high (close to one and even higher than one) in the coastal region, and
decreases from the coastline to the ocean (Fig. 1b). We therefore as-
sume that the aerosol loading is relatively high at that time over the
land in South China, where the deep convective cloud formed and de-
veloped. The high AOD in this area indicates a high concentration of
cloud condensation nuclei (CCN) aerosols. If the pollution aerosols are
mainly soluble particles or particles coated with soluble species, the ice
nucleating ability of these particles will be relative low and hence the
concentration of IN aerosols will be relatively low. Oppositely, if the
pollution aerosols consist of some species with relatively high ice nu-
cleating efficiency, there will be a possibility that the concentration of
IN aerosols is relatively high. For example, many anthropogenic aero-
sols in the polluted cases such as soot and dust emitted by burning and
mining are common types of IN. Murray et al. (2012) estimated that the
potential IN concentration of soot and mineral dust can be up to
100 cm−3 at temperatures between −12 to −35 °C. Therefore, we can
use a wide range of IN concentration in this study to represent all
possible conditions.

2.2. General description of the model

In this study, we use the WRF Model version 3.6.1, which is widely
used in both atmospheric research and operational prediction. The
model physics includes the Yonsei University (YSU) planetary boundary
layer (PBL) scheme (Hong et al., 2006), the unified Noah land surface
model (Chen and Dudhia, 2001), the Rapid Radiative Transfer Model
(RRTM) shortwave radiation (Mlawer et al., 1997), the New Goddard
longwave radiation (Chou and Suarez, 1999), and Grell-Freitas cumulus
scheme (Grell and Freitas, 2013). The NSSL two-moment bulk micro-
physics scheme (e.g., Mansell et al., 2010) is employed to simulate the
microphysical processes of five hydrometeors (cloud droplet, rain,
cloud ice, snow, and graupel).

Two types of aerosols are considered in the NSSL microphysics

scheme in this study. One type can act as CCN and the other type can
act as IN. Once an aerosol particle becomes active and converts into a
droplet or ice crystal, it is eliminated from the total aerosols. However,
other sources and sinks of aerosol, such as surface emission, secondary
formation, sub-scale entrainment near the cloud base and edges, as well
as aerosol dry deposition and washout (aerosol scavenging through
collection by falling hydrometeors), are not considered.

The parameterization of cloud droplet formation process at the
cloud base follows NCCN=CSk (Twomey, 1959), where C is the number
concentration of active CCN at 1% supersaturation, k is the CCN activity
property of aerosol, and S is the supersaturation that can be diagnosed
with the vertical veloticy velocity as described in Mansell et al. (2010).
Cloud droplets can also be activated within the cloud, depending on the
gradient of supersaturation S. The parameter C is the prognostic vari-
able in this study and is used to describe the CCN amount.

The parameterizations of ice formation are described in Section 2.3.
The total number centration of IN aerosols is predicted in this study. We
assume that all IN aerosols have exactly the same properties, and can
take effect through any of the heterogeneous nucleation modes con-
sidered in this study. Therefore, the ice formation through contact
freezing, deposition-nucleation/condensation-freezing, and immersion
freezing in every grids and at each time step are all calculated with the
total IN aerosol concentration.

There are three nested domains with horizontal sizes of
3807×2430, 2349×1458, and 1461×720 km2, and horizontal re-
solutions of 27, 9, and 3 km, respectively. The model top extends to
50 hPa, with 12 layers below 2.5 km and 28 layers above 2.5 km. The
innermost domain d03 covers the track of the convective cloud and is
shown with the red boxes in Fig. 1. All the analyses in this study focus
on the d03 domain only. Cumulus parameterization is turned off in d03.
Therefore, precipitation in d03 is predicted by the microphysics scheme
only. Precipitation in the outer two domains is predicted by both the
microphysics scheme and cumulus parameterization. The initial and
boundary conditions of the meteorological field are based on the
1°× 1° 6-h NCEP (National Centers for Environmental Prediction) re-
analysis data. The simulations begin at local time 20:00 on 16 April
2011, with the first 6 h used as spin-up time and the next 24 h (2:00 17
April to 2:00 18 April) used for analysis. Three snapshots, 8:00, 14:00,
and 20:00 on 17 April, are chosen to represent the developing, mature,
and dissipating stages of the deep convective cloud, respectively.

2.3. Parameterization of ice nucleation

In the original version of the NSSL scheme, heterogeneous ice nu-
cleations through contact freezing, deposition nucleation, and con-
densation freezing are considered. The parameterization of contact
freezing in the NSSL scheme is described in Walko et al. (1995), where
ice formation rate depends on the concentrations of active contact
freezing IN and cloud droplets, the average droplet size, as well as the
efficiency factor due to Brownian motion, thermophoresis, and diffu-
siophoresis. The concentration of active contact freezing IN is diag-
nosed from temperature only, and does not reflect the large variability
of aerosol concentration in the atmosphere. Deposition nucleation and
condensation freezing are parameterized together in the NSSL scheme
because it is difficult to distinguish deposition nucleation and con-
densation freezing during measurements. The parameterization of de-
position-nucleation/condensation-freezing in the origin NSSL scheme is
based on Phillips et al. (2007), where empirical relationships between
ice number concentration and supersaturation are used for two tem-
perature ranges. For the temperature range of −5 °C to −30 °C, the
empirical relationship is from the surface measurements in Meyers et al.
(1992), but rescaled with a normalization factor for use in the free
troposphere where IN is less rich; for temperature below −30 °C, the
empirical relationship is based on the measurement in cirrus clouds in
DeMott et al. (2003a).

The parameterizations of contact freezing, deposition nucleation,
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and condensation freezing in the original version of the NSSL scheme
are based on measurements in relatively clean conditions, with the
measured IN concentration ranging from 0.1 to 10 L−1. In order to
investigate the IN effect in polluted conditions (e.g., for the case in this
study), we revise the parameterizations of ice formation by multiplying
a factor to represent the amount of IN aerosols. The factor is the ratio of
the predicted concentration of IN aerosols at each grid point and at each
time step to a reference IN aerosol concentration (assumed to be 1 L−1

in our study, within the range of the measured IN concentration that is
used in the original parameterization in NSSL). It is not a constant, but
varies with grid points and time.

Immersion freezing is not considered in the original NSSL scheme.
We introduce the parameterization of immersion freezing into the
model in this study. The ice formation rate through immersion freezing
depends on surface nucleation rate (nucleation events on IN per unit
surface area per unit time), IN surface area per droplet, as well as the
number concentration of droplets containing immersion IN. Based on
laboratory experiments of kaolinite particles with various sizes, Murray
et al. (2011) proposed a temperature-dependent parameterization to
predict surface nucleation rate. The data of Murray et al. (2011) was
validated in the intercomparison of laboratory experiments in Hoose
and Möhler (2012). The parameterization has also been used in model
studies (e.g., Hiron and Flossmann, 2015). It is assumed that one dro-
plet contains only one IN with a surface area of 1.18× 10−13 m2, which
is the mean value in the measurements of Murray et al. (2011) and is
equivalent to a radius of 0.097 μm for a spherical kaolinite particle.
Considering that the number of IN particles is generally several orders
of magnitude lower than liquid droplets, the number concentration of
droplets containing immersion IN is assumed equal to the number
concentration of immersion IN.

Primary ice crystals are produced not only by heterogeneous nu-
cleation, but also by homogeneous freezing. In the original version of
the NSSL scheme, homogeneous freezing of cloud droplets is predicted
based on Bigg (1953), which calculates the fraction of frozen droplets as
a function of temperature and drop diameter. For this study, we replace
it with the classical ice nucleation theory. The homogeneous nucleation
rate (nucleation events in droplets per unit volume per unit time) is
parameterized as in Murray et al. (2011). The homogenous freezing of
haze particles is not considered in the original version of NSSL, and we
introduce it into the WRF model following DeMott et al. (1994). The
parameterization of homogenous freezing of haze particles depends on
the temperature and supersaturation with respect to water, as well as
the predicted number concentration of CCN aerosols. The homogenous
freezing of haze particles is calculated only at temperatures colder than
−35 °C.

In addition to primary ice nucleation, secondary ice production is
also considered in our model. The fragmentation of crystals, the frag-
mentation of relatively large cloud droplets during freezing, and
splintering process during the riming growth of large graupel are the
most important secondary ice production mechanisms in literatures
(Pruppacher and Klett, 1997, p355–360). These three processes are all
considered in this study. The parameterization of crystal fragmentation
only involves the relatively large snow particles, which is based on
Schuur and Rutledge (2000). The fragmentation of relatively large
cloud droplets is calculated when the super-cooled liquid droplets
freeze through homogenous freezing or contacting with ice crystals.
The observed ice particle enhancement factor (defined by Mossop, 1970
as the ratio of ice particles produced to drops frozen) generally ranges
between 1 and 2 (Pruppacher and Klett, 1997, pp357), and is assumed
as 1 in our model. The ice splintering during the riming growth of large
graupel is known as the Hallett-Mossop process (e.g., Hallett and
Mossop, 1974; Mossop and Hallett, 1974), and is parameterized fol-
lowing Ziegler et al. (1986).

2.4. Aerosol set up

The initial profiles for the CCN and IN aerosols are prescribed for
the whole domain. Below 850 hPa, the aerosols are well mixed so that
the number mixing ratios of both types of aerosols are constant. Above
850 hPa, the aerosol number concentrations decrease exponentially
with height with a scale height of 3 km (e.g., Léon et al., 2009; Yu et al.,
2010). The profiles for both types of aerosols at the boundaries of the
three domains for the whole simulation time are set to be the same as
the initial profiles.

Initially, the parameter C (for describing CCN amount) is set as
1.5× 104 cm−3 near the surface, as derived from the observation in the
relatively polluted area in China (e.g., Rose et al., 2010; Deng et al.,
2013). The parameter k (for describing the CCN activity property) is
fixed at 0.65 throughout the simulation time, based on the CCN mea-
surement in China (e.g., Deng et al., 2013). All simulations are in-
itialized with the same C and k because we do not study the CCN effect
but focus on the IN effect only.

Four experiments are performed with different concentrations of IN
aerosols. In the low IN case, which represents a clean condition, the
initial IN aerosol number concentration is 1 L−1 near the surface; in the
intermediate and high IN cases, which represents the relatively polluted
conditions, the initial IN aerosol number concentration is 10 and
100 L−1 near the surface. The number concentrations of IN aerosols in
the three cases are all within the range of observations (< 0.1–500 L−1)
(e.g., Rogers et al., 1998; Yin et al., 2012; Jiang et al., 2014). We also
investigate an extremely high IN case (1000 L−1) for a sensitivity study.
Such a high IN concentration is close to the recorded extremely high IN
conditions, such as dust events or severe pollution (102–>103 L−1)
(e.g., DeMott et al., 2003b; Yin et al., 2012; Jiang et al., 2016).

3. Results

3.1. Comparison between observations and simulations

Fig. 2 shows the observed radar reflectivity (left column) and the
simulated radar reflectivity in the low IN case (right column) at various
stages. At 8:00, the deep convective cloud is in the developing stage,
and has already produced heavy precipitation (with high radar re-
flectivity) in some regions (Fig. 2a). Then the deep convective cloud
moved to the southeast and produced heavy precipitation in larger
areas near the coast of South China at 14:00 (Fig. 2c). When the deep
convective cloud moved further southeast over the ocean at about
20:00, precipitation covered an even larger area but was not so strong
as that at 14:00 (Fig. 2e). The simulation well reproduces the major
characteristics of the deep convective cloud in terms of the evolution,
spatial distribution, and track of the observed radar reflectivity overall,
although the simulated radar reflectivity is generally higher than the
observation throughout the evolution of the deep convective cloud. The
simulation also misses out the stratiform clouds and its precipitation at
the northeast corner of d03 in the morning (as shown in Fig. 2a). The
stratiform clouds are not directly associated with the deep convective
cloud that we focus on in this investigation and thus are not included in
the analysis here.

The other cases with higher IN concentration show similar evolution
and distribution of base radar reflectivity. The location of heavy pre-
cipitation, especially in the mature stage, and the moving track of the
deep convective cloud is also similar in all cases. The approximate track
of the deep convective cloud is shown as a straight line in Fig. 2, which
is used for the discussion in Section 3.2.

3.2. Vertical transport of IN aerosols by the deep convective cloud

The left column in Fig. 3 shows the vertical cross sections of the IN
aerosol number mixing ratio along the approximate track of the deep
convective cloud at various stages for the low IN case. Contours of the
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Fig. 2. The observed (left column) and low IN case simulated (right column) base radar reflectivity of the deep convective cloud at local time (a–b) 8:00, (c–d) 14:00, and (e–f) 20:00. The
black lines are the approximate track of the deep convective cloud.

Fig. 3. The vertical cross sections (left column) and aver-
aged vertical profiles (right column) of the IN aerosol
number mixing ratio along the track of the deep convective
cloud (the black lines in Fig. 2) at local time (a and b) 8:00,
(c and d) 14:00, and (e and f) 20:00. The black curves in the
left column indicate the regions with total hydrometeors
mixing ratio > 0.01 g kg−1 and the red curves indicate
updrafts with vertical velocity > 1m s−1. The dot lines in
the left column show the heights of 0 and −40 °C. The
black lines in the right column represent the d03 domain-
averaged number mixing ratios of IN aerosols, and the red
lines represent the cloud-averaged (averaged over the
cloudy columns, similarly hereinafter) number mixing ra-
tios of IN aerosols. The blue lines represent the cloud-
averaged updraft velocity (averaged over the grid points
with positive velocity in the cloudy columns). (For inter-
pretation of the references to color in this figure legend, the
reader is referred to the web version of this article.)

X. Deng et al. Atmospheric Research 206 (2018) 1–12

5



total mass mixing ratio of all hydrometeors and updrafts are also shown
in the left column of Fig. 3 to indicate the structure of the deep con-
vective cloud. The right column in Fig. 3 presents the corresponding
vertical profiles of the domain-averaged and cloud-averaged (averaged
over the cloudy columns of the deep convective cloud) IN aerosol
number mixing ratios, as well as the cloud-averaged updraft velocity
(averaged over all grid points with positive vertical velocity in the
cloudy columns) are also shown. We only show the low IN case as an
example to discuss the vertical transport of IN aerosols. The other cases
have similar spatial distribution of IN aerosols except that the overall IN
aerosol number mixing ratio is higher. The vertical profiles of cloud-
averaged updraft velocity are also similar in all cases. The cloud top
height is about 14.6 km (~−71 °C) at 8:00, increases to 16.5 km
(~−80 °C) in the mature stage at 14:00, and then decreases to 15.8 km
(~−79 °C) at 20:00. The simulated cloud top temperature at 11:00 is
about −77 °C, and agrees well with the observed −78 °C from MODIS
at 10:50. The 0 °C level for this convective cloud locates at about 4 km,
and the −40 °C level locates at about 10 km.

The deep convective cloud is in the developing stage when arriving
in the region around 111°E at local time 8:00 (Fig. 3a). The IN aerosol
profile in Fig. 3b indicates that the IN aerosol number mixing ratio near
the surface is about 0.8 g−1 (equivalent to a number concentration of
0.98 L−1 with the standard air density of 1.225 kgm−3), which is close
to the initial number concentration of 1 L−1. The IN aerosol number
mixing ratio inside the convective cloud can be as high as 0.8 g−1 at
4 km, and still as high as 0.7 g−1 at 10 km. The maximum updraft ve-
locity is 11.5 m s−1 (figure not shown). The cloud-averaged updraft
velocity peaks at about 5 km with a value of 0.25m s−1. With the help
of the strong updrafts in the deep convective cloud, IN aerosols are
transported upwards to the upper troposphere very efficiently. The
cloud-averaged IN aerosol number mixing ratio is hence significantly
higher than the d03 domain-averaged between 3 and 11 km. After IN
aerosols are transported to the upper troposphere, they can take effect
and produce ice crystals through heterogeneous nucleation. In the re-
gions east of the deep convective cloud, most IN aerosols are limited in
the boundary layer, because it is difficult for the air mass near the
surface to break through the boundary layer without strong updrafts.

The deep convective cloud keeps developing and the cloud top
reaches about 16 km, with cloud anvils extending to larger areas at
14:00 and 20:00 (Fig. 3c and e). The maximum updraft velocity in-
creases to 25.5m s−1 at 14:00 and 18.4 m s−1 at 20:00 (figures not
shown). At 14:00, the cloud-averaged updraft velocity peaks at about
4 km with a value of 0.56m s−1, and is still as high as 0.25m s−1 at
13 km. The significantly stronger updrafts at the mature stage transport
the IN aerosols to altitudes even higher than in the developing stage. In
the mature and dissipating stages, the maximum number mixing ratio
of IN aerosol remains as 0.7 g−1 at 10 km. IN aerosols can have a
number mixing ratio of 0.5 g−1 in the cloud anvil region. It is also seen
that the surface number mixing ratio of IN aerosols in the regions west
of the deep convective cloud is lower compared to the regions east of
the convection where vertical transport has not occurred. The high IN
aerosol number mixing ratio in the convective core regions and the
anvil regions indicates the importance of applying the number con-
centration of IN aerosols to the parameterizations of heterogeneous ice
formation rate in deep convective cloud. As shown in Fig. 3d and f, the
difference between the cloud-averaged and d03 domain-averaged IN
aerosol number mixing ratios becomes much more obvious at 14:00 and
20:00 than at 8:00, especially above 10 km. The cloud-averaged IN
aerosol number mixing ratio near 10 km is almost four times of the d03
domain-averaged.

3.3. The contribution of different ice nucleation modes to ice formation

Fig. 4 shows the cloud-averaged ice formation rates (the number of
nucleated ice crystals per unit mass of air per unit time) through contact
freezing (CF), deposition-nucleation/condensation-freezing (DCF),

immersion freezing (IF), and homogeneous freezing of cloud droplets
and haze particles (HOMO) at local time 8:00 (developing stage), 14:00
(mature stage) and 20:00 (dissipating stage) for the low and high IN
cases. It is seen that different ice nucleation modes prefer to occur at
different temperature ranges and hence dominate at different heights.
Increasing IN concentration by 10, 100, and 1000 times does not
change the peak height but significantly increase the magnitude of ice
formation rates for all the heterogeneous nucleation modes at all

Fig. 4. The cloud-averaged vertical profiles of ice formation rates through contact
freezing (red lines), deposition-nucleation/condensation-freezing (blue lines), immersion
freezing (green lines), and homogeneous freezing of cloud droplets and haze particles
(purple lines) at local time (a) 8:00, (b) 14:00, and (c) 20:00. The solid lines are for the
low IN case, and the dashed lines are for the high IN case. Dotted lines near the right y-
axis indicate the heights with d03 domain-averaged environment temperature at 0, −10,
−20, −30, −40, −50, −60 and −70 °C. (For interpretation of the references to color in
this figure legend, the reader is referred to the web version of this article.)
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heights.
Contact freezing mainly occurs between 4 and 11 km (about 0 to

−45 °C). The ice formation rate due to contact freezing peaks at
6–7 km, where the temperature is between −10 and −20 °C. Below
6 km, the rate of ice formation through contact freezing increases with
height because the concentration of active IN increases with decreasing
temperature. Above 7 km, the rate of ice formation through contact
freezing decreases with height because the active IN concentration is
limited by the relatively low aerosol concentration, and more im-
portantly, because the lower temperature reduces the Brownian motion
of aerosol particles and hence the probability of aerosol contacting with
liquid droplets. Contact freezing is the only nucleation mode that is
active below 7 km.

Deposition-nucleation/condensation-freezing mainly occurs be-
tween 7 and 17 km, where the temperature ranges from −20 °C to
−80 °C. Deposition-nucleation/condensation-freezing are the only
heterogeneous nucleation modes that can occur above 11 km (−45 °C),
where nearly no cloud droplets exist and hence contact freezing, im-
mersion freezing, as well as homogenous freezing of cloud droplets, are
all suppressed.

Immersion freezing mainly occurs from 7 to 11 km (−20 to
−45 °C), while homogeneous freezing of cloud droplets and haze par-
ticles mainly occurs at the layer between 9 and 14 km (−30 to−75 °C),
indicating that immersion freezing starts to take effect at lower alti-
tudes (warmer temperature) than homogeneous freezing. The homo-
genous freezing of cloud droplets mainly occurs from 9 to 11 km (−30
to−45 °C), while from 11 to 14 km (−45 to−75 °C), there is nearly no
homogenous freezing of cloud droplets due to the lack of liquid water.
Oppositely, the homogenous freezing of haze particles can occur
without any liquid water, but generally requires colder temperature.
Therefore, the homogeneous freezing of haze particles mainly occurs in
the layer of 11 to 14 km. The ice formation rates through immersion
freezing and homogeneous freezing of cloud droplets have similar
vertical variation, with the peak of ice formation rate at about 10 km,
where the temperature is −40 °C approximately. Below 10 km, they
both increase with altitude because of the decreasing temperature.
Above 10 km, they both decrease with altitude because of the de-
creasing amount of cloud droplets.

In the low IN case (1 L−1), each layer has a dominant ice nucleation
mode and the dominant mode does not change as the convection
evolves. Ice formation is dominated by contact freezing below 7 km,
and by deposition-nucleation/condensation-freezing at 7–9 km. In the
layer of 9–11 km, immersion freezing is the most efficient hetero-
geneous nucleation mode but its nucleation rate is still several orders of
magnitude smaller than that of homogeneous freezing. Homogeneous
freezing is the dominant nucleation mode not only in the layer of 9 to
11 km, which mainly owes to the homogeneous freezing of cloud dro-
plets, but also in the layer of 11 to 14 km, which mainly owes to the
homogeneous freezing of haze particles. Above 14 km, ice formation is
totally dominated by deposition-nucleation/condensation-freezing.
Note that in addition to heterogeneous nucleation, the secondary ice
production can also occur in the layer of 4–9 km (0 to −30 °C) with a
peak at about 5 km, and hence can also considerately contribute to the
formation of ice crystals at low altitudes.

When IN concentration is increased by 10 times (figure not shown),
the ice formation rate in all heterogeneous nucleation modes are in-
creased by about one order of magnitude. Therefore, for the layers
below 7 km, 7–9 km, and above 14 km, the overall ice formation rate is
one order of magnitude higher. However, for the layer of 9–14 km,
where most of the ice crystals are produced, the ice formation rates
through homogeneous freezing of cloud droplets and haze particles are
almost unaffected, and therefore the overall ice formation rate is similar
to the low IN case. The dominant ice nucleation mode in each layer is
the same as in the low IN case, and does not change as the deep con-
vective cloud evolves.

When IN concentration is increased by 100 times (dashed lines in

Fig. 4), the ice formation rates in all heterogeneous nucleation modes
are increased by about two orders of magnitude and heterogeneous
nucleation becomes more competitive with the homogeneous freezing
of cloud droplets. For the layers below 7 km, 7–9 km, and above 14 km,
the overall ice formation rate is significantly higher compared to the
low IN case. The enhanced heterogeneous ice nucleation leads to en-
hanced growth of ice crystals and depletion of cloud droplets. There-
fore, the homogeneous freezing from 9 to 14 km may also be affected.
In the developing stage, when the amount of cloud droplets is not very
high in the relatively weak updrafts, the ice formation rate through
homogenous freezing of cloud droplets decreases by two orders of
magnitude at the peak (about 10 km) as the IN concentration is in-
creased by 100 times. Therefore, for the 9–11 km layer, the enhanced
deposition-nucleation/condensation-freezing becomes comparable with
the weakened homogenous freezing of cloud droplets, and the overall
ice formation rate is decreased with the increased IN concentration by
100 times. However, for the 11–14 km layer, where the ice formation
rate is even higher than the 9–11 km layer, increasing IN concentration
by 100 times results in almost unaffected homogeneous freezing of haze
particles and hence almost unchanged overall ice formation rate. In the
mature and dissipating stages, when the cloud droplet supply is abun-
dant, the ice formation rate due to homogenous freezing of cloud dro-
plets is almost the same as that in the low and intermediate IN cases.
The homogenous freezing of haze particles is still almost unaffected by
IN. The overall ice formation rate in the layer of 9–14 km hence is al-
most unaffected by IN aerosols in the mature and dissipating stages.

When the IN concentration is further increased to be extremely high
(1000 L−1), the ice formation rates of all the heterogeneous modes,
especially the deposition-nucleation/condensation-freezing mode, are
increased even further, so that the ice formation rate in the layers below
7 km, 7–9 km, and above 14 km are all increased by more than two
orders of magnitude (figure not shown). For the layer of 9–11 km, the
homogeneous freezing of cloud droplets is completely suppressed in the
developing stage, and therefore the significantly enhanced deposition-
nucleation/condensation-freezing become the dominant nucleation
modes at that time. For the layer of 11–14 km, the homogeneous
freezing of haze particles is also slightly weakened, but is still the
dominant nucleation mode. Therefore the overall ice formation rate is
decreased from 9 to 14 km. In the mature and dissipating stages,
however, homogenous freezing of cloud droplets and haze particles, as
well as the overall ice formation rate, are almost not affected even if the
IN concentration is increased by 1000 times.

3.4. The IN effect on the microphysical properties of the deep convective
cloud

In all the simulated cases, the number and mass mixing ratios of all
hydrometeors, generally increase as the deep convective cloud evolves
from the developing stage to the mature stage, and then decrease as the
cloud evolves into the dissipating stage. Overall, increasing IN con-
centration by 10 and 100 times has nearly no influence on the number
and mass mixing ratios of hydrometeors, except that the graupel
number mixing ratio in the convective core regions (approximately
below 9 km) becomes higher. Increasing IN concentration by 1000
times can lead to some obvious changes, especially the snow mass and
number mixing ratios in the convective core regions and the ice number
mixing ratio in the anvil regions (approximately above 9 km).

The vertical profiles of the cloud-averaged number and mass mixing
ratios of all hydrometeors for the low IN case (1 L−1) and high IN case
(100 L−1) are presented in Fig. 5. Ice crystals are mainly in the layer of
11–14 km. The ice number mixing ratios in the low IN and high IN cases
are not significantly different throughout the evolution of the deep
convective cloud. This is because the overall ice formation rate in the
high IN case is similar to that in the low IN case for the layer of
11–14 km, where most of the ice crystals are produced and are mainly
produced through the homogeneous freezing of haze particles (see
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Section 3.3). Increasing IN concentration by 100 times also has little
impact on cloud water, rain water, and snow. The only significant
difference between the low IN and high IN cases is the graupel number
mixing ratio in the convective core regions. The high IN case has a
doubled peak graupel number mixing ratio from the low IN case in the
mature stage. This is because the enhanced heterogeneous ice nuclea-
tion below 9 km in the 100 L−1 case (as discussed in Section 3.3) leads
to enhanced growth of ice crystals, enhanced formation of graupels, and
stronger depletion of cloud droplets. The increase of graupel number
mixing ratio by IN is obvious only in the mature stage when the cloud
droplet supply is abundant for graupel formation. The number and mass
mixing ratios of all hydrometeors in the intermediate case (10 L−1) are
also similar to that in the low IN case. The minor difference of the
profiles of hydrometeor mass and number mixing ratios between the
low, intermediate, and high IN cases also results in the minor difference
of rain water approaching the surface. Only in the mature stage, in-
creasing IN concentration slightly increases the rain water mixing ratio
by about 20%, while in the developing and dissipating stages, the IN
effect on rain water mixing ratio is insignificant.

Fig. 6 shows the vertical profiles of the cloud-averaged number and
mass mixing ratios of all hydrometeors for the low IN case (1 L−1) and
extremely high IN case (1000 L−1). In the 1000 L−1 case, ice number
mixing ratio in the anvil regions is significantly lower than the low IN
case, especially in the developing stage (~ 62% near the peak). This is
because in the developing stage, increasing IN concentration by 1000

times significantly suppresses the homogeneous freezing of cloud dro-
plets and slightly suppresses the homogenous freezing of haze particles,
and hence decreases the overall ice formation rate for the layer of
9–14 km, where most of the ice crystals are produced (see Section 3.3).
The IN effect on the microphysical properties in the convective core
regions below the cloud anvil is also noticeable. Both snow and graupel
mainly form and exist in the convective core regions below 9 km. The
overall ice formation rate below 9 km is significantly higher as IN
concentration is increased by 1000 times, because the heterogeneous
ice nucleation processes are enhanced (see Section 3.3). This leads to
more ice particles available for conversion into snow particles (in-
cluding aggregation of ice crystals and collection of ice crystals by snow
particles), and hence significantly increases the snow number mixing
ratios. The peak snow number mixing ratio is increased by four times in
the developing stage and two times in the mature and dissipating
stages. Correspondingly, snow mass mixing ratio also increased by near
50% in the mature stage. The graupel number mixing ratio in the ma-
ture stage is slightly increased by up to 20% as IN concentration is
increased by 1000 times. That is because more ice crystals and snow
particles produced below 9 km in the extremely high IN case enhance
the riming process. The increase of graupel number mixing ratio with
an increase of IN concentration by 1000 times is much less obvious than
that with an increase of IN concentration by 100 times. That is because
the significantly enhanced heterogeneous nucleation converts more li-
quid water in the mixed-phase layer into ice crystals, and the enhanced

Fig. 5. The cloud-averaged vertical profiles of the mass mixing ratios (black lines) and number mixing ratios (red lines) of all hydrometeors at local time 8:00 (upper row), 14:00 (middle
row), and 20:00 (bottom row). Hydrometeors include cloud water (first column), rain water (second column), cloud ice (third column), snow (fourth column) and graupel (fifth column).
Solid lines are for the low IN case (1 L−1), and the dashed lines are for the high IN case (100 L−1). (For interpretation of the references to color in this figure legend, the reader is referred
to the web version of this article.)
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riming process is restricted by the limitation of liquid water content.
The snow and graupel particles can fall down and melt into raindrops
below the 0 °C level. The increased snow and graupel in the high IN case
hence leads to 30% more rain water mass mixing ratio approaching the
surface in the mature stage.

3.5. The IN effect on the surface precipitation and updraft velocity of the
deep convective cloud

Fig. 7a–d show the simulated 24-h accumulated surface precipita-
tion from local time 2:00 on 17 April to 2:00 on 18 April under different
IN concentration. The observed 24-h accumulated surface precipitation
at the surface stations operated by CMA (Chinese Meteorological So-
ciety) is also shown as the color dots in Fig. 7a–d, with a maximum of
72.9 mm. The general characteristics of the simulated 24-h accumu-
lated surface precipitation, including the magnitude and spatial dis-
tribution of the precipitation, and the approximate moving track of the
deep convective cloud, are very similar in different cases. The simulated
24-h accumulated precipitation in all cases is all similar to the ob-
servation at the surface stations.

The temporal evolutions of the cloud-averaged surface precipitation
and the cloud-averaged updraft velocity in all cases are shown in the
Fig. 7e and f. In all cases, the cloud-averaged surface precipitation and
the cloud-averaged updraft velocity both evolve similarly with time.
From 6:00 to 10:00, when the deep convective cloud is in the devel-
oping sage, surface precipitation and updraft velocity are relatively
small, and change very slightly with time. From 10:00 to 14:00, as the
deep convective cloud reaches the mature stage, surface precipitation

and updraft velocity both increase rapidly. From 15:00 to 18:00, the
deep convective cloud is still in the mature stage but gradually
weakens, as a result, both surface precipitation and updraft velocity
decrease. After 18:00, as the convective cloud evolves into the dis-
sipating stage, surface precipitation and updraft velocity become rela-
tively small again.

Surface precipitation in the cases with IN concentration of 10, 100,
and 1000 L−1 are generally similar to those in the low IN case (1 L−1).
Increasing IN concentration may slightly increases the cloud-averaged
surface precipitation. The increase is only about 8% averaged
throughout the evolution of the deep convective cloud (from 6:00 to
22:00) for an increases of 100 times in IN concentration, and is even
less for an increase of 10 or 1000 times in IN concentration. In addition,
the increase of surface precipitation with the increased IN concentra-
tion is only significant from 14:00–16:00, when the deep convective
cloud is relatively mature, with the increase of surface precipitation up
to about 21% in the high IN case and 25% in the extremely high IN case
at 15:00. In the mature stage, increasing IN concentration leads to
slightly higher rain mixing ratio near the surface (Figs. 5 and 6) and
hence a little more precipitation. In the developing and dissipating
stages, surface precipitation in all cases is similar, which is consistent
with the similar rain water mixing ratio at that time.

The cloud-averaged updraft velocity also increases slightly when IN
concentration is increased. The averaged increase of updraft velocity
throughout the evolution of the deep convective cloud is only 5% when
IN concentration is increased by 100 times, and only 2% when IN
concentration is increased by 10 or 1000 times. The IN effect on the
temporal evolutions of the maximum updraft velocity is also relatively

Fig. 6. The same as Fig. 5, but the solid lines and dotted lines are for the low IN case (1 L−1) and extremely high IN case (1000 L−1) respectively.
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small (figure not shown). The vertical profiles of the cloud-averaged
updraft velocity at all stages in the intermediate, high, and extremely
high IN cases are all similar to those in the low IN case, as shown with
the blue lines in the right column of Fig. 3.

4. Discussions

This study finds that the competition between the heterogeneous
nucleation and the homogeneous freezing is really important in de-
termining the cloud microphysical properties, especially in the anvil
regions. Our results show that when IN concentration is relatively high,
the homogeneous freezing of cloud droplets and haze particles can be
weakened or even suppressed. This subsequently leads to the decrease
of ice number mixing ratio in the anvil regions (approximately above
9 km). This finding is generally consistent with Phillips et al. (2007),
which found the ice concentration can be reduced by up to 1 order of
magnitude above 8 km due to the weaker homogeneous freezing of
cloud droplets and aerosols. Our results further show that the IN effect
on the homogenous freezing of cloud droplets depends on the devel-
opment stages of the deep convective cloud for the extremely high IN
case. The decrease of ice in the anvil regions only occurs in the devel-
oping stage, when the updrafts are relatively low. The IN effect depends
on the updraft velocity, which is also related to the competition be-
tween the heterogeneous and homogeneous nucleation. This agrees
well with the parcel model results by Li et al. (2013). They found that
when the updrafts are weak, a relatively low IN number concentration
is enough for heterogeneous nucleation to dominate over homogeneous
nucleation, and when the updrafts are strong, an unrealistically high IN
concentration is required for heterogeneous nucleation to dominate the
ice formation.

This study also finds that increasing IN concentration can increase
the amount of ice particles (including ice, snow, and graupel), which is
consistent with the previous studies (e.g., van den Heever et al., 2006;
Carrió et al., 2007; Fan et al., 2010). We further show that this effect is
mainly revealed in the convective core regions below the cloud anvil
(approximately below 9 km), and the IN effect is more obvious on the
number mixing ratio than on the mass mixing ratio of ice particles. The
different IN effect on anvil and convective core regions indicates that
we need to discuss the IN effect on the anvil regions and convective core
regions of the deep convective clouds separately.

The sensitivity of the microphysical properties, precipitation, up-
draft velocity to IN concentration may vary widely in different studies.
The chosen cases, as well as the models, especial ice nucleation para-
meterization in the model, may both affect the IN effect on deep con-
vective clouds, leading to large uncertainty of the IN effect. Different
cases may have different cloud base temperature, different humidity,
different mixed-phase layer thickness, as well as different liquid water
content and ice water content. Then the cloud microphysical processes
and their sensitivity to IN concentration may be quite different. For
example, Fan et al. (2010) showed that the IN effect on microphysical
properties such as ice number concentration and ice water content is
very obvious under the more humid condition, while nearly unnotice-
able under the less humid condition. The parameterizations in models,
especially the ice nucleation parameterization, as well as the setup of
aerosol field (including the concentrations and profiles) may vary be-
tween various studies, which may also affect the IN effect on deep
convective cloud significantly. Our current knowledge about ice nu-
cleation is still insufficient, and the parameterization of ice nucleation
and the quantification of IN effect on clouds in models are still difficult
(Tao et al., 2012). We hence should better parameterize the

Fig. 7. The simulated 24-h accumulated precipitation
during local time 2:00 17 and 2:00 18 April 2011 for the (a)
low IN case (1 L−1), (b) intermediate IN case (10 L−1), (c)
high IN case (100 L−1), (d) extremely high IN case
(1000 L−1). The color dots in (a–d) represent the surface
station observed 24-h accumulated precipitation. The
temporal evolutions of the cloud-averaged (e) surface pre-
cipitation and (f) updraft velocity. The black, purple, or-
ange, and red lines in (e–f) indicate for low, intermediate,
high, and extremely high IN cases respectively. (For inter-
pretation of the references to color in this figure legend, the
reader is referred to the web version of this article.)
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heterogeneous and homogeneous nucleation process and the competi-
tion between them in the model.

One of the possible improvements of the ice nucleation para-
meterization is to take the spatial and temporal variability IN con-
centration into consideration. In most of the previous studies, ice for-
mation rate is calculated with a constant IN concentration over the
simulation domain and time (e.g., the original NSSL scheme), or even
without any consideration of IN concentration at all (e.g., Meyers et al.,
1992). This is in contrary to the large spatiotemporal variability of IN
aerosols. It is found that deep convective clouds play an essential role in
the vertical transport of aerosols, which agrees well with previous
studies (e.g., Yin et al., 2005; Fu et al., 2017) and can result in large
spatiotemporal variability of IN aerosols. Another possible improve-
ment of the ice nucleation parameterization is to include all ice nu-
cleation modes, or at least to include the dominant ice nucleation mode.
The dominant ice nucleation mode depends on the occurrence condi-
tions, and hence the heights of the deep convective clouds or even the
cloud types. The essential ice nucleation modes consequently may be
different in different heights or cases.

One of the most significant IN effects on the microphysical prop-
erties in this study is the decreased ice number concentration in the
anvil regions. This may significantly change the radiative properties of
the anvil of the deep convective cloud. Previous studies have also
pointed out that IN aerosols can significantly change the microphysical
properties in cloud anvils of the deep convective clouds, especially the
ice mass and number concentrations (e.g., Fan et al., 2010). The change
of microphysical properties due to aerosols can significantly affect the
radiation budget. For example, the larger amount of smaller and longer-
lasting ice particles in anvil regions due to the aerosol indirect effect
can drive an atmospheric radiative warming of 3–5Wm−2 and a sur-
face cooling of 5–8Wm−2 (Fan et al., 2013).

5. Conclusion

This study uses the WRF model to investigate the effect of IN
aerosols on a deep convective cloud in South China, as well as the
vertical transport of IN aerosols by the deep convective cloud. Four
cases with initial surface IN aerosol concentrations of 1, 10, 100, and
1000 L−1 are simulated. All the simulations well reproduce the ob-
served evolution of the deep convective cloud and the spatial dis-
tribution of precipitation. The deep convective cloud can efficiently
transport IN aerosols upwards to altitudes with temperature colder than
0 °C, leading to a large variability of the IN aerosol concentration in
time and space.

In the low IN case (1 L−1), it is found that different ice nucleation
mode prefers to occur at different temperature range, and hence dom-
inates at different height. Ice nucleation below 7 km is dominated by
contact freezing, while for the layers of 7–9 km and above 14 km, ice
nucleation is dominated by deposition-nucleation/condensation-
freezing. Homogenous freezing of cloud droplets dominates ice forma-
tion in the layer of 9–11 km, although immersion freezing, deposition-
nucleation/condensation-freezing, and contact freezing also occur in
this layer. For the layer of 11–14 km, ice formation is dominated by the
homogenous freezing of haze particles.

When IN concentration is higher (10 and 100 L−1), the dominant
nucleation mode in each layer remains the same as that in the low IN
case. All heterogeneous nucleation modes are significantly enhanced,
but homogenous freezing of cloud droplets and haze particles still
dominate ice nucleation in the layer of 9–11 km and 11–14 km, where
most of the ice crystals are produced. Microphysical properties, surface
precipitation and updraft velocity of the deep convective cloud are
generally similar to the low IN case.

When IN concentration is increased to be extremely high
(1000 L−1), the dominant ice nucleation not only depends on the
height, but also depends on the amount of liquid water and hence the
development stages of the deep convective cloud. All heterogeneous

nucleation modes are further enhanced in this case. The significantly
enhanced heterogeneous nucleation could be comparable with or even
suppress the homogenous freezing of cloud droplets, and hence leads to
significant changes in the microphysical properties. The overall ice
formation rate from 9 to 14 km in the extremely high IN case
(1000 L−1) is significantly lower than that in the low IN case (1 L−1),
especially in the developing stage. In the anvil regions, ice number
mixing ratio is consequently lower when the IN concentration is in-
creased by 1000 times. In the convective core regions below the cloud
anvil (approximately below 9 km), the enhanced heterogeneous nu-
cleation produces more ice crystals. This increases the amount of ice
that are available for the conversion to snow particles, leading to an
increase of snow number mixing ratio by more than twice. However,
the IN effect on the spatial distribution of precipitation, as well as the
temporal evolutions of the cloud-averaged precipitation and updraft
velocity is still very small.
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